In this chapter the mechanisms of transport and remineralization of organic matter in the dark water-column and sediments of the oceans are reviewed. We compare the different approaches to estimate respiration rates, and discuss the discrepancies obtained by the different methodologies. Finally, a respiratory carbon budget is produced for the dark ocean, which includes vertical and lateral fluxes of organic matter. In spite of the uncertainties inherent in the different approaches to estimate carbon fluxes and oxygen consumption in the dark ocean, estimates vary only by a factor of 1.5. Overall, direct measurements of respiration, as well as indirect approaches, converge to suggest a total dark ocean respiration of 1.5-1.7 Pmol C a −1 . Carbon mass balances in the dark ocean suggest that the dark ocean receives 1.5-1.6 Pmol C a −1 , similar to the estimated respiration, of which >70% is in the form of sinking particles. Almost all the organic matter (∼92%) is remineralized in the water column, the burial in sediments accounts for <1%. Mesopelagic (150-1000 m) respiration accounts for ∼70% of dark ocean respiration, with average integrated rates of 3-4 mol C m −2 a −1 , 6-8 times greater than in the bathypelagic zone (∼0.5 mol C m −2 a −1 ). The results presented here renders respiration in the dark ocean a major component of the carbon flux in the biosphere, and should promote research in the dark ocean, with the aim of better constraining the role of the biological pump in the removal and storage of atmospheric carbon dioxide.
Introduction
The ocean supports respiratory activity throughout its entire volume. In contrast to the destruction of organic matter, primary synthesis of organic matter is restricted-except for a marginal contribution of chemosynthesis-to the upper 100-200-m skin of the ocean, where sufficient light penetrates to support photosynthesis. The synthesis processes occurring in the photic layer, which encompasses only about 5% of the water column, have been the object of most of the research effort, and the degradation processes occurring in the dark layers of the ocean remain comparatively poorly studied, despite evidence that the rates involved may be substantial (Williams 2000; del Giorgio and Duarte 2002; Arístegui et al. 2003; Andersson et al. 2004 ). Yet, the dark ocean is an important site for the mineralization of organic matter, and is the site of long-term organic carbon storage and burial. Hence, the processes occurring in the dark ocean are essential to understand the functioning of and, in particular, carbon cycling in the biosphere. They, therefore, deserve closer attention than hitherto they have been given.
The reason for the paucity of knowledge on biological processes in the dark layers of the ocean is rooted on an early belief that life in the ocean was confined to its upper, lighted skin. The presence of life in the dark ocean was first demonstrated by collections of deep-sea benthos in the mid-nineteenth century, in the expeditions of Sir John Ross (1817-1818) followed by that of his nephew Sir James Clark Ross aboard the Erebus and Terror (1839-1843). The Challenger expedition (1888) provided evidence of pelagic life in the dark ocean, but the existence of deep planktonic life remained a controversial topic (e.g. Forbe's azoic ocean hypothesis supported by Agassiz, versus contentions of deep planktonic life by Carl Chun) until directly observed in the first immersion by Beede and Barton in 1934, who reached down to 923 m aboard a bathyscaph. The first evidence of deepwater bacteria was obtained by Portier at the beginning of the twentieth century, during two Prince of Monaco's cruises (1901, 1904) , but it was not until the mid-century, when Claude ZoBell and Richard Morita, isolated and counted bacteria from great depths, during the Galathea expedition. Studies on deep-water bacteria regained attention in the 1970s as the result of an accident of the research submersible Alvin (Jannasch and Wirsen 1973) , which led to preliminary observations of active microbial metabolism in the dark ocean. These studies were paralleled by studies which implicated the importance of migrating zooplankton (Vinogradov 1970) . Pomeroy and Johannes (1968) first measured microplankton respiration in the ocean, by concentrating samples, but the first direct measurements of planktonic respiration at natural densities in the dark ocean were obtained much later, at the turn of the century first by Williams and Purdie (1991) and later by Biddanda and Benner (1997) . This body of observations lent support to theoretical speculation on the existence of significant respiration in the dark ocean, necessary to account for deep (300-500 m) oxygen minima in ocean circulation models.
The key role of the dark ocean as the site where the bulk of the excess organic matter produced in the photic layer is mineralized is that it refuels subsequent new production. This represents one of the cornerstones of contemporary views on the biogeochemical functioning of the ocean (Libes 1992) . Paradoxically, however, estimates of respiration rate-the process responsible for the mineralization of organic matter-in the dark ocean are still few, representing a small percent of all of the estimates of respiration in the sea. Moreover, these few estimates are scattered both in space and time and are based on in vitro assessments rather than in situ incubations (at depth of sampling). Such estimates are, nevertheless, essential to address critical issues in the cycling of organic carbon in the ocean, which are presently inferred from ocean biology general circulation models rather than from up-scaling from empirical estimates. Yet, even the newest depictions of the global carbon cycle (e.g. Liu et al. 2000) ignore respiratory processes in the dark ocean or derive them, in the absence of any independent estimate, as the residual of budgetary exercises (see discussions in Ducklow 1995; Williams 2000; and del Giorgio and Duarte 2002) .
In this chapter, we first provide an account of the sources of organic matter to the dark ocean, which constrain the respiratory activity therein, and then examine the available respiration rates-estimated both directly and indirectly-in each of two operationally defined layers: 1 (i) the mesopelagic zone, extending from the bottom of the epipelagic layer (about 100-200 m) down to the base of the permanent thermocline, at about 1000 m depth, and (ii) the bathypelagic zone, defined as the water column and sediments extending from the base of the permanent thermocline to the ocean floor. The separation of the dark ocean in these two layers has been used in the past (e.g. Parsons et al. 1984) , and is justified first by the very distinct residence times of these waters (100 and 900 years, respectively; Libes 1992). Second, there is exchange of materials between the mesopelagic layer and the epipelagic layer within biologically relevant timescales, whereas the bathypelagic zone can be considered as a reservoir of 1 Terminology adopted from Parsons et al. (1984) . They use 150 m as the upper limit to the mesopelagic zone; where possible we have adhered to this convention, but this is not always possible when drawing upon other work. We have used the term dark ocean as a collective term to refer to meso-and bathypelagic zones. materials at biologically relevant timescales. We provide a discussion of the discrepancies found between the different approaches to estimate respiration in the dark ocean, and conclude by using the estimates of respiration in the dark ocean to derive a global estimate, to be compared with current estimates of export and new production. This exercise provides a revised perspective of the role of the dark ocean in the oceanic carbon cycle.
Supply of organic matter to the dark ocean
The dark ocean receives the excess primary production of the epipelagic zone, as well as additional lateral inputs from the continental margins and other oceanic areas. In addition, migrant zooplankton actively transport organic matter grazed in the epipelagic zone to the dark ocean. There is consensus that the bulk of the organic matter entering the mesopelagic zone is recycled therein, implying that the respiration rates responsible for the recycling must be large. However, there are substantial discrepancies as to the magnitude of organic matter inputs to the dark ocean, so it has been difficult to derive a global estimate of dark ocean respiration from organic matter loading alone.
Overall rates of export of organic carbon from the photic layer
The biological carbon pump exports a fraction of the organic carbon produced by oceanic plankton, both in particulate and dissolved form below the thermocline (Antoine et al. 1996) . The export of carbon by the biological pump is conventionally regarded to be constrained by the nitrogen input, which is believed to set an upper limit to the organic carbon export equal to the product of the C/N ratio in the export organic carbon and the nitrogen supplied to the biogenic layer (Ducklow 1995; Williams 1995; Field et al. 1998) . The nitrogen input to the photic zone of the ocean is mainly derived from the internal supply of nitrate through vertical mixing, estimated at ∼50 Tmol N a −1 in subtropical waters (Jenkins and Wallace 1992; Lewis 2002) , atmospheric inputs (Ducklow 1995; Williams 1995; Field et al. 1998; Luz and Barkan 2000) , estimated at about 10 Tmol N a −1 (Longhurst et al. 1995) and nitrogen fixation for which there is little consensus on the global rate (7-14 Tmol N a −1 ; Karl et al. 2002) . The assumption that this net production equals the net carbon export by the biological pump is, in turn, based on the assumption that the carbon and nitrogen transport in the upward inorganic and the downward organic fluxes are in similar stoichiometric balance, but the latter assumption is unsupported by current data.
Dissolved organic matter in the photic ocean contains excess carbon relative to nitrogen (mean ± SE C/N ratio = 15.0 ± 1.1; Table 10 .1) compared to the exported particulate organic matter (global mean C/N ratio = 7.8; Takahashi et al. 1985) . The twofold et al. (1985) greater C/N ratio in dissolved organic matter compared to particulate organic matter implies that, for the same nitrogen input to the biogenic layer, the potential total organic carbon export is twofold greater if occurring in dissolved organic carbon (DOC) than in particulate (POC) form. The deviations in the dissolved organic C/N ratio from the Redfield ratio have been noted in the past (e.g. Williams 1995; Najjar and Keeling 2000; Benner 2002) , but have yet to be incorporated into evaluations of the role of oceanic biota on atmospheric carbon uptake. Most previous assessments of the potential importance of the DOC flux to the net carbon export have assumed the DOC/DON ratio to be similar to the Redfield ratio (Antoine et al. 1996) . Because the export of organic carbon possible for a given nitrogen supply is twofold greater when the flux occurs as DOC compared to a similar POC flux, even modest changes in the allocation of net community production to POC or DOC may lead to regional differences in the oceanic carbon supply, and possibly respiration, in the dark ocean.
There is an order of magnitude spread in estimates of the organic carbon export from open ocean surface waters, from 0.3 to 2.3 Pmol C a −1 (Smith and Hollibaugh 1993; Sambrottto et al. 1993; Ducklow 1995; Hedges and Keil 1995; Emerson et al. 1997; Najjar and Keeling 2000; del Giorgio and Duarte 2002) . This variance is attributable, as discussed below, to various degrees of underestimation of the dissolved but, mainly, particulate fluxes.
Delivery of POC
The sinking of particles, resulting from dead organisms or plankton excretion, is accepted to be the principal mechanism by which organic carbon is exported from the epipelagic zone to the dark ocean. Much of this organic matter is carried in aggregates, which result from coagulation of smaller particles (Jackson 2002 ). On average, more than 80% of the sinking organic matter is remineralized in the upper 1500-2000 m, but there is evidence of regional variations in the remineralization patterns and rates in the mesopelagic zone and thus in the export flux to the dark ocean. Based on the analysis of sediment trap data from 64 open-ocean sites, François et al. (2002) formulated the hypothesis that export ratio (the fraction of primary production that is exported below the surface) and extent of mineralization through the mesopelagic zone tend to have contrary effects on the overall efficacy of the biological pump. Export ratios are higher in productive high-latitude regions dominated by diatoms, but the efficiency of transfer through the mesopelagic zone in these regions is very low. Mesopelagic remineralization in high-latitude regions is comparatively higher than in low-latitude regions, due to the more labile nature of the organic matter exported, which is mainly in the form of phytoplankton aggregates. In contrast, mesopelagic remineralization rates in low-latitude productive regions are lower because the organic matter exported is relatively refractory (consisting primarily of fast-sinking fecal pellets with carbonate minerals), having already been processed extensively by the food web in the mixed layer (François et al. 2002) . In this context, provided the actual primary production is comparable between highand low-latitude regions, the most efficient at transferring carbon to the bathypelagic zone would be the productive low-latitude regions, such as the equatorial upwelling zones, or the Arabian Sea François et al. 2002) .
The flux of POC into the dark ocean (the export particulate production) can be estimated as the POC collected with floating traps deployed below the surface mixed layer/photic zone. Average annual values obtained from monthly measurements during several years using these traps, both in the subtropical Atlantic (Station BATS; Lohrenz et al. 1992) and central Pacific (Station ALOHA; Karl et al. 1996) , yield similar values (0.7-0.9 mol C m −2 a −1 ), about three to fourfold lower than geochemical estimates of new production Emerson et al. 1997) ; that is, the part of the carbon fixed that is not respired until it has been removed from the epipelagic zone to the dark ocean (Platt et al. 1992 ). Several studies using particle-reactive natural radio nuclides ( 234 Th, 230 Th, and 231 Pa) as a tracer for sinking particles, have convincingly demonstrated that both free-floating and moored sediment traps deployed in the mesopelagic zone severely underestimate the particle flux (Buesseler 1991; Buesseler et al. 2000; Scholten et al. 2001; Yu et al. 2001) . In contrast, traps in the bathypelagic zone seem to intercept the vertical flux of particles more effectively (Yu et al. 2001) .
POC fluxes measured from deep-sea (bathypelagic) moored sediment traps have been used to derive empirical models which predict the vertical profile of POC flux in the whole water column, by relating it to primary production and depth (Suess 1980; Betzer et al. 1984; Berger et al. 1987; Pace et al. 1987; Lohrenzen et al. 1992; Antia et al. 2001) . In this way, the export particulate production may be estimated from the POC flux at the base of the euphotic zone/mixed layer. The weakness of this approach lies in extrapolating small fluxes measured in the bathypelagic zone to the base of the epipelagic zone, since most of the organic carbon mineralization occurs in the mesopelagic zone. Moreover, these models depend on primary production estimates, which must integrate on the same spatial and temporal scales as sediment traps. Antia et al. (2001) compiled a large set of particle flux 230 Thcorrected data from deep sediment traps moored in the Atlantic Ocean and estimated, by applying a derived empirical model, that the POC flux at the base of the euphotic zone was about 0.3 Pmol C a −1 . Extrapolating this to the whole ocean would yield a value in the region of 1 Pmol C a −1 , twice the value of previous estimations using uncorrected sediment trap data (e.g. Martin et al. 1987) .
Delivery of DOC
The export of DOC to the mesopelagic zone may occur by vertical diffusion through the thermocline (e.g. Emerson et al. 1997) , or by isopycnal transport and convective mixing of surface rich-DOC waters with deep DOC-impoverished water (e.g. Carlson et al. 1994; Hansell 2002 ). In addition, there is some evidence that DOC can be adsorbed onto deep-water particles, which provides a mechanism whereby DOC is added to the sinking flux of particulate material . Dissolved organic matter can also aggregate by the action of surface charges and microbial activity to form amorphous particles of marine snow, which supplements the sinking flux (e.g. Barber 1966) . While the latter are potentially important processes in the transfer et al. (1997) of DOC to the dark ocean and sediments (Keil et al. 1994) , the information available is still insufficient to evaluate their overall impact. Available average estimates of the oceanic downward DOC flux through vertical diffusive mixing into the water column range from negligible to 8 mmol C m −2 d −1 , with a geometric mean of 1.4 mmol C m −2 d −1 (Table 10 .2). The available estimates have been mostly derived for the subtropical and tropical ocean, but vertical profiles of DOC concentration in high-latitude seas (e.g. Wiebinga and De Baar 1998) also show a gradient from high concentrations in the mixed layer to lower values in the intermediate waters, suggesting that vertical diffusion of DOC may also occur at these latitudes. These estimates rely, however, on the assumption, or calculation, of vertical diffusion coefficients, which may have an uncertainty by an order of magnitude. Hence, although this mechanism of DOC export is unlikely to be as important on a global scale as the POC flux, it still needs to be accurately evaluated (Hansell 2002) . Extrapolation to the global ocean, assuming the mean value of DOC export of 1.4 mmol C m −2 d −1 , yields an estimated global DOC export by diffusive mixing of 0.17 Pmol C a −1 .
In addition to a diffusive, gradient-driven flux of DOC, subduction and convective mixing have been shown to be a significant transport process in areas of deep-water formation, and other areas experiencing seasonally intense convective mixing where DOC seasonally accumulates (Hansell 2002). Hansell and Carlson (2001) have estimated a global DOC export to the aphotic zone (excluding vertical diffusion) of 0.12 Pmol C a −1 , assuming a global new production of 0.6 Pmol C a −1 and a contribution of DOC to global export of 20%. Since their calculations are based on the magnitude of new production, evidence for a higher value of new production (e.g. 1.3 Pmol C a −1 ; Sambrotto et al. 1993; Falkowski et al. 1998) would increase the total calculated export by a factor of 2. Arístegui et al. (2002a) compiled a large dataset on the relationship between DOC concentration and apparent oxygen utilization (AOU)-the oxygen anomaly with respect to the dissolved oxygen saturation levels-from various oceans. These data revealed a decline in DOC with increasing AOU in the upper 1000 m, albeit with considerable scatter ( Fig. 10.1 ). In contrast, there is no significant decline in DOC with increasing depth beyond 1000 m ( Fig. 10 .1), indicating that DOC exported with overturning circulation plays a minor role in supporting respiration in the dark ocean. Assuming a molar respiratory quotient ( CO 2 /− O 2 ) of 0.69 (Hedges et al. 2002) , the decline in DOC was estimated to account for about 20% of the AOU within the top 1000 m. This estimate represents, however, an upper limit, since the correlation between DOC and AOU is partly due to mixing of DOC-rich warm surface waters with DOC-poor cold thermocline waters. Removal of this effect by regressing DOC against AOU and water temperature indicated that DOC supports about 10% of the respiration in the mesopelagic waters (Arístegui et al. 2002a) . Nevertheless, since water temperature and DOC covary in the upper water column, the actual contribution of DOC to AOU probably lies between 10% and 20%.
Considering the above estimates, the overall flux of DOC to the dark ocean can be estimated as the sum of 0.17 Pmol C a −1 from vertical diffusion and 0.12 Pmol C a −1 from subduction and convective mixing (cf. 1 Pmol C a −1 estimate for POC export). Nevertheless, much of the exported DOC by diffusive mixing would be respired in the upper thermocline, contributing little to the ocean-interior carbon reservoir, unless it is transported and respired below the depth of the winter mixed layer.
Transport by migrating zooplankton
The occurrence of active transport of organic matter by migrating zooplankton was proposed decades ago by Vinogradov (1970) . Migrating zooplankton contributes to the transport of particulate and DOC by excretion or fecal pellet dissolution. Migratory processes set in motion 0.08 Pmol C (the biomass of the migrant zooplankton) daily between the photic ocean and the dark ocean (Longhurst 1976; Conover 1978) . If only a fraction of this organic matter is retained (e.g. excreted) while in the dark zone, this process has the potential to account for a considerable input of organic matter to the dark ocean. Estimates of the actual input involved are, however, still few. Ducklow et al. (2001) and Hernández-León and Ikeda (Chapter 5) have summarized the available data of downward transport of carbon by diel migrating zooplankton (the active transport) in the Atlantic and Pacific oceans (including the BATS and HOT time-series stations). The daily average value of active organic matter inputs by zooplankton accounts for 0.54 mmol C m −2 (Hernández-León and Ikeda, Chapter 5). Extrapolating this value to the whole ocean the global transport of organic matter from surface to mesopelagic waters mediated by zooplankton would represent about 0.06 Pm C a −1 . However, since most of the compiled data by the latter authors correspond to oligotrophic regions, the actual contribution of zooplankton to the downward organic carbon flux could be considerably higher when including estimates from high-productive systems.
Coastal inputs to the dark ocean
Oceanic waters near continental margins may receive inputs of both particulate and DOC from coastal ecosystems, and because these inputs have not been well constrained, this adds additional uncertainty to the mineralization rates in the dark ocean inferred from mass-balance carbon fluxes. The inputs of total organic carbon (TOC) from the coastal ocean to the dark open ocean have been estimated at 0.17 Pmol C a −1 (e.g. Liu et al. 2000) , representing a significant fraction of the global TOC export from the coastal to the open ocean, which have been estimated to range from 0.23 Pmol C a −1 (Gattuso et al. 1998) to 0.5 Pmol C a −1 (Duarte and Cebrián 1996; Duarte et al. 1999) .
These estimates of carbon export from the continental margins are based on carbon mass balances, and there are, as yet, no comprehensive measurements of the actual transport processes supporting this global export. In fact, the exchange rate of water between the global coastal and open oceans remains a matter of speculation, supported by a few case studies (Walsh et al. 1981; Falkowski et al. 1988; Liu et al. 2000) . For instance, Wollast and Chou (2001) calculated that 15% of the primary production in the Gulf of Biscay was exported to the intermediate and deep waters. Mesoscale instabilities, such as filaments, may accelerate the transport of particulate and DOC from the coastal to the open ocean at upwelling regions (e.g. Gabric et al. 1993; Barton et al. 1998) . Alvarez-Salgado et al. (2001) estimated that up to 20% of new production in the NW Spain coastal upwelling region transforms into labile DOC, which is exported offshore to the adjacent open-ocean waters. There is, therefore, a need to directly estimate transport processes to better constrain the input of organic matter from the continental shelves to the dark ocean.
Summary of organic carbon inputs
The total export of biogenic carbon from the photic zone (the sum of the open-ocean sinking POC flux, DOC flux and zooplankton active flux, plus TOC advected from coastal ecosystems) should be equivalent, on an annual basis, for the magnitude of the new production. Our review indicates that the sum of the above four carbon inputs amounts to 1.5-1.6 Pmol C a −1 , a value close to some recent estimates of new production (Sambrotto et al. 1993; Falkowski et al. 1998) , but somewhat below the estimates of export production proposed recently by del Giorgio and Duarte (2002; 2. 3 Pmol C a −1 ). Uncertainties in the estimates of the above fluxes could lead to differences between estimates of new production and export biogenic fluxes. Michaels et al. (1994) found a large imbalance in the annual carbon cycle at the Bermuda Atlantic Time-series Station (BATS), which they explained by inaccuracies in the determination of the fluxes of POC using shallow sediment traps. This was corroborated by sediment-trap measurements of the 234 Th flux during the same period of study (Buesseler 1991) . A more detailed interpretation of the particle fluxes at the BATS station during a decade of sampling revealed that surface sediment trap records could be biased by sampling artifacts due to physical dynamics during deep-mixing events .
Pelagic respiration in the dark ocean
The recent evidence that dark ocean respiration must be important is leading to an increase in the number of direct measurements of rates of metabolism in these layers. These low rates of respiration in deepwater stretch conventional direct methods used to measure planktonic respiration in the euphotic zone to and beyond their limits. Indirect estimations of deep-water respiration have been obtained, based on large-scale geochemical mass balances of oxygen and organic matter fields, although these estimates themselves do not always agree in their magnitude (e.g. Michaels et al. 1994) . In this section, we review the different approaches used to estimate respiration in the dark ocean, and compare their results in order to derive an estimate of the global pelagic environment in the dark ocean.
In vitro oxygen consumption measurements
Direct measurements of planktonic respiration may be obtained by the in vitro oxygen method (e.g. Williams and Jenkinson 1982) . Nevertheless the limited sensitivity of the method has confined generally these measurements to the upper 200 m of the surface ocean, which are thus overwhelmingly restricted to the very upper layers of the aphotic zone (see Robinson and Williams, Chapter 9). Biddanda and Benner (1997) The oxygen method, even when applied in the photic zone, often requires long incubations and there are always concerns that these could induce changes in microbial community structure, biomasses, and rates (see Robinson and Williams, Chapter 9, for a review on bottle effects). Nevertheless, time-series measurements indicate that in most occasions, when samples are handled with care, respiration rates remain uniform (Arístegui et al. 1996, Robinson and Williams, Chapter 9) , even during long (ca. 72 h) deep-water experiments (J. Arístegui and C. M. Duarte, unpublished) , in spite of changes in bacterial production and biomasses (J. M. Gasol, unpublished) . The contrasting bottle effects on microbial respiration and biomass or bacterial production (as estimated by leucine and thymidine incorporation) must be further assessed in order to test the applicability of the oxygen method to measure microbial respiration rates during relatively long (>24 h) incubation periods in mesopelagic waters (e.g. Pomeroy et al. 1994) .
Microplankton ETS activity measurements
At depths where respiration rates are too low to be resolved through the direct measurement of oxygen consumption, the ETS (respiratory Electron Transport System) technique (Packard 1971 ) has proved to be a useful tool to estimate these rates (Packard et al. 1988) . As the enzymatic analysis can be made after the field work, the ETS approach allows the collection of large datasets during field cruises, facilitating the measurement of oceanic respiration over large temporal and spatial scales. The ETS method estimates the maximum overall activity of the enzymes associated with the respiratory electron transport system under substrate saturation, in both eukaryotic and prokaryotic organisms. ETS activity measurements represent, therefore, potential respiration rates, and hence calculation of in situ respiration rates from ETS activity requires the use of empirically determined algorithms. The R/ETS relationships for deep-water plankton have been derived from monospecific cultures of bacteria and zooplankton (Christensen et al. 1980 ) grown under laboratory conditions. Thus, respiration rates calculated from ETS activity have to be interpreted with a degree of caution. The available dark-ocean respiration estimates for microplankton (<200 µm) derived from ETS (Table 10. 3) have been aggregated into depth-average bins (Arístegui et al. 2003) . These estimates yield a relationship between respiration rate and depth ( Fig. 10.2(a) ) best described by an exponential function of the form,
which z is the depth in meters. The equation prescribes that respiration rates decline by about 53% over the mesopelagic layer of the ocean (150-1000 m).
Examination of the residuals ( Fig. 10.2(b) ) showed an enhanced respiratory activity at 1000-2000-m depth, corresponding to the base of the permanent thermocline, separating the mesopelagic from the bathypelagic layers. Inspection of the individual profiles indicated this enhanced activity to be a consistent feature in various seas and oceans, rather than an anomaly of a particular basin. The origin of these enhancements is unclear, but may derive from mixing of different water masses, or may be produced in situ by migrant zooplankton.
Available data are yet too sparse as to allow the elucidation of differences in the magnitude of microplankton respiration across the different Figure 10 .2 The depth distribution of (a) the average (± SE) respiration rate in the dark ocean and (b) the depth distribution of the residuals from the fitted exponential equation. Rates compiled from references in Table 10 .4 (from Arístegui et al. 2003) .
oceanic provinces of the dark ocean. There are, however, obvious regularities in the various published reports that help constrain the overall microplankton respiration within the dark layers of the global open ocean. In particular, most studies show that integrated respiration, in the layer extending from the bottom of the photic zone to 800-1000 m, is of a similar magnitude as the integrated microplankton respiration in the photic layer of the open ocean (del Giorgio and Duarte 2002), and sometimes greater.
Integration of respiration rates derived from ETS measurements in the dark ocean yield a global respiration ranging from 1.7 Pmol C a −1 , when derived from the areal rates, to 2.8 Pmol C a −1 , when derived from the depth distribution of the rates weighed for the hypsographic curve of the ocean (Arístegui et al. 2003) . These rates are comparable to the estimates of the total microplankton respiration in the photic layer, estimated to be 2-4 Pmol C a −1 (del Giorgio and Duarte 2002; Robinson and Williams, Chapter 9). Examination of the depth-averaged cumulative respiration rate throughout the dark ocean ( Fig. 10.3 ) indicated that 70% of the microplankton respiration within the dark ocean occurs between 200 and 1000 m depth. This represents an estimate of 1.2 Pmol C a −1 for the mesopelagic zone, and 0.5 Pmol C a −1 for the ocean interior, when derived from the areal rates, although the bathypelagic rates could be overestimated (see Section 10.5).
Measured rates of bacterial carbon flux
The rates of bacterial production in the dark ocean constrain their contribution to the respiratory rates there. The vertical profiles of bacterial production show a steep exponential decline spanning two to three orders of magnitude from the surface to the dark ocean ( Fig. 10.4 ; Nagata et al. 2000; Turley and Stutt 2000) . Whereas bacterial biomass in the mesopelagic (150-1000 m) and bathypelagic (1000-4000 m) layers of the water column may exceed that in the photic layer, the integrated bacterial production in each of the two dark layers is much smaller (5-20 fold) than that in the surface ocean (Nagata et al. 2000) , indicative that bacterial growth in the dark ocean is generally slow. Cellspecific production rates may be considerably high in particle-associated bacteria from mesopelagic waters (Turley and Stutt 2000) . Several authors (Smith et al. 1992; Cho and Azam 1988; Nagata et al. 2000) have proposed that large sinking particles are hydrolyzed to release DOC, which would support production of free-living bacteria both in the mesopelagic and bathypelagic zones.
The total flux of organic carbon through bacteria in the dark ocean (the so-called bacterial carbon flux) can be used to provide a minimum estimate of the long-term, whole-community respiration rate. The bacterial carbon flux (BC) is the sum of bacterial production (BP) and bacterial respiration (BR). It may be calculated as the ratio between the bacterial production and the bacterial growth efficiency (BC = BP/BGE = (BP + BR)/BGE). The estimation of BC fluxes relies, however, on assumed factors that are highly uncertain: (i) the ratio of leucine incorporation to bacterial production, which may range from <1 to 20 Kg C mol −1 leucine (Kirchman et al. 1985; Simon et al. 1992; Gasol et al. 1998; Sherry et al. 1999) , and (ii) the bacterial growth efficiency (BGE = BP/(BP + BR)), which ranges from 2% to 70% in surface waters of aquatic habitats (del Giorgio and Cole 2000), with no published estimates available for the mesopelagic oceanic waters. Hence the estimates of respiration rates derived from bacterial carbon flux in the dark ocean are highly sensitive to poorly constrained conversion factors and, provided these are not rigorously established, must be considered with some degree of caution. Nagata et al. (2000) , using an assumed BGE of 0.2, calculated that integrated BC fluxes for different oceanic regions ranged between 1 and represents an annual rate of 2.9 mol C m −2 , which coincides with the estimate of oxygen consumption in the mesopelagic zone derived from large-scale tracer balances (Section 10.3.5) and from ETS activity (Table 10. 3; geometric mean = 2.9 mol C m −2 a −1 , excluding the very high value reported by Biddanda and Benner 1997).
Measured mesozooplankton respiration rates
Because of operational reasons the rates of water column respiration often exclude the respiration of metazoan zooplankton, which can have a significant contribution to planktonic respiration. The estimates of the contribution of mesozooplankton (>200 µm) to total respiration in the ocean are highly variable. Joiris et al. (1982) estimated that zooplankton contributed less than 1% of the total respiration in productive coastal areas, but estimates in the less productive open ocean seem to be higher. Early studies in open ocean sites suggested a contribution of less than 5% (Pomeroy and Johannes 1968) , and subsequent studies report similar ranges (Williams 1981; Holligan et al. 1984; Hernández-León et al. 2001) . On the basis of the reported rates, the contribution of zooplankton to total plankton respiration was estimated by del Giorgio and
Duarte (2002) 
Inference of organic matter mineralization from oxygen fields
Early insight into the likely importance of respiratory processes in the dark ocean was derived from the examination of the distribution of oxygen and organic matter fields. Evidence of a deep oxygen minimum at depths ranging from 100 m in the Indian Ocean to 1000 m depth in the Pacific Ocean suggested significant oxygen consumption at those depths, although the presence and position of the oxygen minimum may be largely a result of oceanic circulation (cf. Wyrtki 1962) . Examination of the AOU in the dark ocean, also provided evidence suggesting an important respiratory activity there (e.g. Broecker and Peng 1982) . In fact, the distribution of AOU in the dark ocean parallels the path of dark ocean circulation, indicating that as much as 195 mmol O 2 m −3 is removed from the oldest dark oceanic waters (Fig. 10.5 ).
The link between the distribution of AOU and the age of the water masses is so strong that a relationship between AOU and an independent estimate of the age of the water masses can be used to derive long-term average estimates of respiration (the oxygen utilization rate, OUR) in the dark ocean (cf. Jenkins and Wallace 1992) . The first calculations of OURs were based on 3D advection-diffusion models based on geostrophic velocity estimates (Riley 1951) . More recent approaches include boxmodel estimates, and advective-diffusive estimates, using tracer mass-balance calculations. Several tracers (e.g. 228 Ra, 3 H, 3 He, CFC) have been satisfactorily applied to estimate OURs, by providing an apparent age for a water parcel with respect to its last exposure to the sea surface (see review by Jenkins and Wallace 1992, and references therein). Despite the rather different approaches, all these techniques yield similar absolute OUR estimates (∼5-6 mol O 2 m −2 a −1 ) for the subtropical North Atlantic Ocean, adding confidence to the results. Unfortunately, these techniques can only be applied where the age of the water mass can be calculated with relative precision and mixing effects can be assumed to be relatively unimportant, which is an uncommon situation. Consequently, these techniques have not yet allowed global estimates of respiration in the dark ocean.
Oxygen consumption rates in the mesopelagic zone have been also deduced from dissolved oxygen profiles and particulate barium stocks. Dehairs et al. (1997) used a 1D advection/diffusion inverse model of the steady-state distribution of conservative and non-conservative tracers in the water column, with the aim of estimating oxygen consumption in the Southern Ocean. The weakness of this method lies, as well as in other advection/diffusion models, on the difficulty associated with the determination of eddy diffusivity. Their estimated oxygen consumption rates, integrated between 175 and 1000 m, ranged from 1 to 6 mmol O 2 m −2 d −1 . These rates, extrapolated to a yearly basis (0.4-2.2 mol O 2 m −2 a −1 ) are somewhat lower than those estimated for the mesopelagic zone in the subtropical North Atlantic (Jenkins and Wallace 1992) , but broadly agree with ETS estimates in the mesopelagic zone of the Southern Ocean (Arístegui et al. 2002b ).
Inferences of organic matter mineralization from carbon fluxes
Particulate organic carbon is solubilized to yield DOC, which is then partially respired by bacteria, as it sinks through the water column. This results in an exponential decrease in the flux of POC with depth, when sinking across the water column below the euphotic zone. Suess (1980) was the first to propose a model, based on sediment trap data, to predict the flux of particulate organic carbon at a given depth. His model, as well as other subsequent ones (e.g. Betzer et al. 1984; Berger et al. 1987; Pace et al. 1987) , predicts the particle flux J z at a given depth (z in meters), as a function of depth and the surface primary production (P ) through the expression (Suess 1980) :
Assuming a global primary production rate of 3 Pmol C a −1 (Antoine et al. 1996) , the fraction of POC respired between 150 and 1000 m is estimated to be 0.7 Pmol C a −1 . If photosynthesis were closer to 4 Pmol C a −1 (del Giorgio and Duarte, 2002) , the fraction respired in the 150-1000 m would be ∼1 Pmol C a −1 . According to the Suess expression:
95% of the POC entering the dark ocean is respired within the mesopelagic zone (i.e. above 1000-m depth), a percentage higher than estimated through other approaches. The Suess relationship is based, however, on sediment trap data, which seem to underestimate particulate fluxes (see above), due to hydrodynamics, resuspension, swimmers, and degradation of organic matter between settling and trap collection, as well as to the inefficacy in the trapping performance (Antia et al. 2002) .
Inference of organic matter mineralization from sediment oxygen consumption
Particulate organic matter fluxes based on sediment traps are often too low to sustain sedimentary demands (Smith et al. 1992) . Sediments, however, provide the ultimate sediment trap and integrate carbon fluxes over a considerable period of time. Following these considerations, Andersson and coworkers have used sediment oxygen consumption rates to derive an expression for the depth attenuation of the organic carbon flux in the ocean (Andersson et al. 2004 where the flux of carbon is given in mmol O 2 m −2 d −1 and z is water depth in meters. At steady state, the divergence of this organic carbon flux with depth should balance oxygen utilization rate at that depth (Suess 1980) . Consequently, differentiation of the above equation with depth gives an expression for the oxygen utilization rate as a function of water depth (mmol O 2 m −3 d −1 ):
The flux equation was combined with ocean bathymetry to derive integrated sediment respiration. Integrated water column respiration was estimated from the difference in organic carbon flux between the top and bottom of the sections considered. Table 10 .5 shows the derived respiration rates for the dark water column and sediments. These rates correspond only to particulate organic carbon remineralization, and do not account for the Table 10 .5 Global estimates of respiration in the dark water column and sediments (Pmol C a −1 ), derived from oxygen consumption measurements in sediments (from Andersson et al. 2004 Oxygen units converted to carbon units using a respiratory quotient, RQ = 0.69.
dissolved fraction, in contrast to other approaches (AOU/tracers, ETS measurements).
Inference of organic matter mineralization from ocean biology general circulation models
Estimates derived from modeling exercises are rendered uncertain by the influence of mixing processes, because results are highly sensitive to the parameterization of diffusivity, ventilation, and mixing rates, and are stacked to a fixed depth which does not extend to the entire water column (e.g. Bacastow and Meier-Reimer 1991; Najjar and Keeling 2000) . Approaches based on general circulation models also require assumptions on the carbon to nutrient stoichiometry, which can be highly variable depending on whether remineralization is based on POC or DOC data (Bacastow and Meier-Reimer 1991) . Moreover, the model results are highly dependent on the model formulation (e.g. Ducklow 1995) , so that the model output requires independent verification. Because of these limitations, there are, at present no consistent estimates of total respiration in the dark ocean derived from general circulation models.
Benthic respiration in the dark ocean
Sediments are the ultimate depository of particles in the ocean. Particulate organic matter arriving at the seafloor has been subject to degradation in the photic and aphotic zones of the water column. Consequently, only a very small proportion of the surface water primary production (on the order of a few percent) reaches the seafloor. Moreover, virtual all organic matter delivered to the sediments is respired in the top few decimeters so that little organic matter is buried. Nevertheless it is sufficient to support a large number (3.5 × 10 30 ) and high biomass (25 Pmol C) of prokaryotic cells in subsurface oceanic sediments (Whitman et al. 1998 ) that appear to be metabolically active (D'Hondt et al. 2002) . The global organic carbon burial, recently estimated at 13 Tmol C a −1 (range 11-18 Tmol C a −1 ; Hedges and Keil 1995) represents only a fraction (4-9%) of global sedimentary mineralization (190 Tmol C a −1 , Jørgensen 1983; 220 Tmol C a −1 , Smith and Hollibaugh, 1993; 140-260 Tmol C a −1 , Middelburg et al. 1997 ; 210 Tmol C a −1 , Andersson et al. 2004) . This is often expressed in terms of the burial efficiency: that is, the organic carbon accumulation rate below the diagenetic active surface layer divided by the organic carbon delivery to sediment surface. Burial efficiencies are typically less than 1% and 10% for deep-sea and ocean slope sediments, respectively, but may be much higher for rapidly accumulating shallow-water sediments (Hedges and Keil 1995) . Consequently, most organic carbon burial occurs in shallow sediments (>80-90%; Hedges and Keil 1995; Middelburg et al. 1997) .
Respiration of organic matter in marine sediments has received a fair measure of attention and major advances in our understanding and capabilities to measure and model it have been made. While respiration rates for abyssal waters are usually based on indirect methods and depend on empirical relations and model parameterizations, this is not the case for sediment respiration. Sediment respiration is usually based on sediment oxygen consumption, because these can be measured directly and in situ by incubation with autonomous benthic landers (Tengberg et al. 1995) . Moreover, a simple reaction-diffusion model combined with in situ microelectrode data can be used to derive oxygen fluxes in deep-sea sediments (Reimers et al. 2001) . Oxygen fluxes provide an accurate measure for total sediment respiration because aerobic respiration accounts for almost all organic matter mineralization in deep-sea sediments and most mineralization in slope sediments (Epping et al. 2002) and because most products of anaerobic mineralization (ammonium, reduced iron and manganese, sulfide) are efficiently re-oxidized (Soetaert et al. 1996 , and see Middelburg et al. Chapter 11) . Oxygen consumption coupled to re-oxidation of reduced components varies from about 20% in deepsea sediments (oxygen consumption due to nitrification) to more than 60% in shelf sediments (Soetaert et al. 1996) . Although oxygen consumption does not provide a good measure for aerobic respiration in slope sediments, it gives a reliable measure of total respiration because of efficient, quantitative re-oxidation of anaerobic respiration products (Jørgensen 1982) .
Sediment oxygen consumption rates range over 4 orders of magnitude from more than 200 in coastal sediments to about 0.02 mmol O 2 m −2 d −1 in some deep-sea sediments (Jørgensen 1983; Middelburg et al. 1997; Andersson et al. 2004) . A number of researchers have derived empirical relationships from compiled datasets of sediment oxygen consumption. The depth attenuation of sediment oxygen consumption rates has been traditionally described with a power function with exponents varying from −0.36 to −0.93 km −1 (Devol and Hartnett 2001) , although other parameterizations have also been proposed: exponential and double exponential relations. These datasets have also been used to derive global estimates of benthic respiration below 1000 m, which range about tenfold from 0.01 (Jørgensen 1983) , 0.05 (Jahnke 1996) , 0.08 (Christensen, 2000) to 0.13 Pmol O 2 a −1 (Andersson et al. 2004) . Differences between these estimates result from differences in data availability, data selection criteria (in situ only or all available data), and the depth range considered to derive the predictive equations used for upscaling (below 1000 m only or all depths). The latter, most recent estimate, is based on a larger dataset and comprises only in situ total sediment community consumption estimates and has therefore been selected. Jørgensen (1983) and Andersson et al. (2004) 
Synthesis: budgeting respiration in dark ocean
The pelagic rates of oxygen consumption in the bathypelagic zone (>1000 m) are extremely low and very difficult to measure, resulting in rather few direct measurements of respiration in the ocean's interior. In spite of the scarcity of data, the preceding discussion clearly indicates that the variance in the estimates of respiration rates in the bathypelagic ocean and sediments, where mixing is a minor source of error, is considerablly lower than that in the mesopelagic zone. Fiadeiro and Craig (1978) calculated a rate of respiration for the whole water column below 1000 m of 2 µl O 2 l −1 a −1 (0.24 µmol O 2 m −3 d −1 ), similar to other estimates available for the ocean interior based on oxygen fields and large-scale models (Riley 1951; Munk 1966; Broecker et al. 1991) . These rates are comparable in magnitude to the deep-water estimates derived from oxygen consumption in sediments (Table 10 .5), but considerablly lower than estimates derived from ETS measurements (Table 10. 3). The bathypelagic ETS rates were derived from only 25 measurements, and presumably overestimated the global rate (Arístegui et al. 2003) . Excluding the global rate derived from ETS, the resulting estimates converge to a total respiration rate in the bathypelagic water column of about 0.1-0.2 Pmol C a −1 (cf. 0.1 Pmol C a −1 for the sediments).
The global respiration rate in mesopelagic waters (which is thought to represent the bulk of the total dark ocean respiration) is not as well constrained as that of the bathypelagic zone, and there is no accepted global estimate. Nevertheless, in spite of the uncertainties inherent to the different methods used to calculate respiration in the mesopelagic zone, our synthesis shows that the average integrated rates obtained from direct metabolic measurements (oxygen consumption, ETS activity, bacterial carbon flux) vary between 3 and 4 mol C m −2 a −1 , and converge to global range of 1-1.3 Pmol C −1 , when extrapolated to the whole ocean. These estimates of global dark ocean respiration can be placed within the context of other estimates of respiration based on indirect approaches, which include carbon mass balances, and indirect estimates based on benthic respiration and POC flux. The estimates derived from the different approaches that we have reviewed are synthesized in Table 10 .6.
There is a growing number of published oceanic carbon mass balances (i.e. carbon input into the dark ocean minus carbon output) that implicitly contain estimates of the total respiration in the dark ocean. The respiration rate in the dark ocean can be estimated as the difference between the organic carbon inputs to the dark ocean and the organic carbon burial in deep-sea sediments. This massbalance analysis yields highly divergent respiration rates, ranging from 0.3 to 2.3 Pmol C a −1 (Sambrottto et al. 1993; Smith and Hollibaugh 1993; Ducklow 1995; Hedges and Keil 1995; Emerson et al. 1997; Najjar and Keeling 2000; del Giorgio and Duarte 2002) . Whereas the negative term of the massbalance equation, the organic carbon burial, is relatively well-constrained, that of the additive term, the organic carbon inputs, is not. Indeed, estimates of organic carbon inputs to the dark ocean have been increasing from low estimates of about 0.4 Pmol C a −1 , considering only POC inputs from the photic layer (e.g. Martin et al. 1987) , to estimates of >2 Pmol C a −1 when considering the TOC flux, the active flux mediated by zooplankton and inputs from the continental shelf (del Giorgio and Duarte 2002) . In contrast, estimates of organic carbon burial in the deep sea have remained relatively stable at about 0.005 Pmol C a −1 . Table 10 .6 summarizes the estimates of organic carbon inputs to the dark ocean ). An alternative approach used to derive global respiration rates in the dark ocean is based on the rates of oxygen consumption in sediments (Wijsman 2001; Andersson et al. 2004) . The method yields an estimate for the mesopelagic respiration around 0.6 Pmol C a −1 (Table 10 .6), much lower than the 1.2 Pmol C a −1 that results from the extrapolation of areal rates obtained by direct measurements of microplankton ETS respiratory activity in the mesopelagic zone (Arístegui et al. 2003 ). Andersson's approach is based only on particulate organic matter, while the ETS method measures total microplankton respiration, which includes both dissolved and particulate organic carbon. This difference could account for some, but probably not all, of the difference between the estimates derived from the two methods since, as was discussed in previous sections, DOC seems to account for only 10-20% of the oxygen consumption in the dark ocean (Arístegui et al. 2002a) . In this regard, the estimates of respiration rates derived from ETS generally agree with oxygen consumption estimates derived from bacterial carbon flux or inferred from AOU/tracers (Table 10 .6). Figure 10 .6 compares the global respiration rates derived from ETS measurements and oxygen consumption in sediments, with oxygen utilization rates in the subtropical North Atlantic estimated from large-scale tracer balances. If we consider that the latter estimates are typical of the whole ocean, the rates derived from oxygen consumption in sediments would underestimate the mesopelagic respiration by 30%, while the ETS estimates would match the AOU/tracers measurements. Conversely, and as argued above, the ETS-derived rates may severely overestimate respiration in the bathypelagic zone, where the method based on oxygen consumption in sediments Figure 10 .6 Global estimates of OUR versus depth, derived from ETS measurements (Arístegui et al. 2003) and oxygen consumption in sediments (Andersson et al. 2004) . Rates are compared with OUR in the North Atlantic mesopelagic zone (<1000 m), estimated from AOU and large-scale tracers (Jenkins and Wallace 1992) , and with oxygen consumption in the bathypelagic zone (>1000 m) derived from oxygen fields in the North Atlantic (Riley 1951) and Pacific Ocean (Munk 1966 ) (see text for details).
yields more accurate respiratory rates. Hence, it seems preferable to combine both approaches (the AOU/tracers measurements and ETS for the mesopelagic, and the oxygen consumption in sediments for the bathypelagic) to obtain an estimate of respiration in the dark ocean, and this yields a global rate of about 1.2-1.4 Pmol C a −1 . Respiration of zooplankton (0.2 Pmol C a −1 ) and sediments (0.13 Pmol C a −1 ) added to this estimate, yields a global dark respiration of 1.5-1.7, which is consistent with the calculated global inputs of organic matter to the dark ocean reported above (Table 10 .6), but somewhat lower than the total dark ocean respiration estimate of 1.9-2.4 Pmol C a −1 proposed by del Giorgio and Duarte (2002) . Figure 10 .7 represents a tentative organic carbon budget for the dark ocean, where organic carbon inputsaccording to the reviewed data of Table 10 .6-have been slightly rounded to look for a balance. These estimates raise an interesting problem, for according to the calculations above, the ratio between exported production and primary production (assuming the presently accepted primary production of 3.3 Pmol C a −1 ) would be close to 0.5. This f -ratio is much higher than currently accepted values, of about 0.2, implying that either respiration is overestimated here or that primary production is severely underestimated. There is growing evidence that estimates of primary production, derived from extrapolation from 14 C-based measurements, underestimate both gross and net primary production (e.g. del Giorgio and Duarte 2002; Marra 2002 and Chapter 14) . If so, many models that use primary production as an input to estimate export production to the dark ocean or remineralization of organic carbon in the mesopelagic zone will severely underestimate the global fluxes of carbon and associated respiration rates. In addition, there are allocthonous carbon inputs to the ocean, from exchange with the continental shelves and atmospheric inputs that may further increase the organic matter available to be exported from the photic layer. Elucidation of the relative importance of these pathways remains critical to achieve a reliable understanding of the carbon cycle in the ocean.
Whereas an improved precision on the estimates of organic carbon inputs to the dark ocean is widely acknowledged (e.g. Ducklow et al. 2001) , efforts to improve these calculations must continue and proceed in parallel with efforts to increase the very meager empirical base of direct estimates of respiration rate in the dark ocean. The synthesis presented here clearly identified respiration in the dark layers of the ocean to be a major, though largely neglected, component of the carbon flux, and, therefore, a major path in the global biogeochemical cycle of the elements. and by the EU projects EVK2- CT-2001-00100, and EVK3-2001-00152 (OASIS) . This is publication 3186 of the Netherlands Institute of Ecology. We thank Paul A. del Giorgio and Peter J. le B. Williams for their thoughtful reviews of the manuscript.
